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Could giant impacts cripple core dynamos of small terrestrial planets?
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a b s t r a c t

Large impacts not only create giant basins on terrestrial planets but also heat their interior by shock
waves. We investigate the impacts that have created the largest basins existing on the planets: Utopia
on Mars, Caloris on Mercury, Aitken on Moon, all formed at �4 Ga. We determine the impact-induced
temperature increases in the interior of a planet using the ‘‘foundering’’ shock heating model of Watters
et al. (Watters, W.A., Zuber, M.T., Hager, B.H. [2009]. J. Geophys. Res. 114, E02001. doi:10.1029/
2007JE002964). The post-impact thermal evolution of the planet is investigated using 2D axi-symmetric
convection in a spherical shell of temperature-dependent viscosity and thermal conductivity, and pres-
sure-dependent thermal expansion. The impact heating creates a superheated giant plume in the upper
mantle which ascends rapidly and develops a strong convection in the mantle of the sub-impact hemi-
sphere. The upwelling of the plume rapidly sweeps up the impact-heated base of the mantle away from
the core–mantle boundary and replaces it with the colder surrounding material, thus reducing the effects
of the impact-heated base of the mantle on the heat flux out of core. However, direct shock heating of the
core stratifies the core, suppresses the pre-existing thermal convection, and cripples a pre-existing ther-
mally-driven core dynamo. It takes about 17, 4, and 5 Myr for the stratified cores of Mars, Mercury, and
Moon to exhaust impact heat and resume global convection, possibly regenerating core dynamos.

� 2011 Elsevier Inc. All rights reserved.

1. Introduction

Terrestrial planets, except for Venus, either have or had strong
core dynamos. The core dynamo of Earth has existed for at least
�4 Gyr, though with some changes in its intensity. Mars had a
strong core dynamo which ceased at around 4 Ga (e.g., Acuna
et al., 1999; Arkani-Hamed, 2004; Lillis et al., 2008). The first and
third Mariner 10’s flybys revealed the presence of a magnetic field
of possibly internal origin for Mercury (Ness et al., 1975, 1976),
which has recently been confirmed by Messenger spacecraft (e.g.,
Solomon et al., 2010). The magnetization of the lunar crust indi-
cates a core dynamo of the Moon in the early history (e.g., Stegman
et al., 2003, see also references in that article for much earlier
investigations). The Moon is regarded as a planet in this study.

Venus is the only terrestrial planet which shows no sign of core
dynamo. Judging from the similar sizes and masses of Venus and
Earth there is no reason to conclude that Venus never had a sizable
core dynamo. The slow retrograde rotation of the planet is still fast
enough to power a core dynamo (e.g., Lumann and Russell, 1997).

It is quite possible that Venus actually possessed a strong core dy-
namo which ceased some times in the past.

All of the terrestrial planets have giant impact basins created by
large impacts. The active plate tectonics on Earth have erased
many of the giant basins that expected to be formed in the early
history, during the catastrophic bombardment period of the Solar
System at around 4 Ga. The 2 Gyr old Vredefort crater with a diam-
eter of �300 km is the largest confirmed crater on Earth. However,
a slightly larger elliptical feature, Shiva, with the major and minor
axes of 600 and 400 km, centered at about 18.5N and 70.2E, has
been suggested, but not yet confirmed, to be an impact crater
formed at �65 Ma. On the other hand, the thick and strong litho-
spheres of Mars, Mercury, and Moon, which have probably existed
from day one have retained almost all of the large impact craters.
Consequently, all three planets have giant basins that have been
created during the bombardment period of the Solar System. The
largest confirmed impact basin of Mars, Utopia, has a �3380 km
diameter, that of Mercury, Caloris, has a �1550 km diameter, and
that of Moon, Aitken, has a �2400 km diameter.

In the present study we investigate the effects of the largest im-
pacts on the mantle dynamics and core dynamos of the small plan-
ets. We calculated the effects of the so called Shiva impact on the
core dynamo of Earth and found to be negligible partly because
of the expected high impact velocity of 17 km/s (the decay of shock
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pressure with distance from the impact site is more severe for high
impact velocities according to Pierazzo et al.’s (1997) model
adopted in the present study) and partly because of the thick man-
tle of the Earth. The Earth scenario will not be addressed in this pa-
per. The second section is devoted to a general outline of the
procedures used to estimate the impact heating of the planets.
The third section presents the mantle dynamics of the planets in-
duced by the impact heating. Direct impact heating of the core
and its consequences on the core dynamo is addressed in the
fourth section. Concluding remarks and discussions are relegated
to the final section.

2. Impact heating of the planets

A large impact not only excavates the crust of a planet and cre-
ates a basin but also heats the interior by impact-induced shock
waves. In this section we estimate the temperature increase inside
Mars, Mercury, and Moon by the impacts that have created the
largest observed basins on their surfaces, namely Utopia, Caloris,
and Aitken, respectively. The impactors are named after the basins
they have created. We closely follow the procedures used by Ark-
ani-Hamed and Olson (2010a) to estimate the impact heating of a
planet. Briefly, the observed diameter of a basin is related to the
energy of the impactor through scaling laws of Holsapple (1993)
and Melosh (1989) and assuming a vertical impact with an impact
velocity relevant to each planet. The results of the scaling laws are
listed in Table 1.

The scaling laws provide estimates of the impact energy and a
means to determine shock pressure distribution inside a planet.
We use the average model of Pierazzo et al. (1997), which predicts
slightly higher shock pressures than those of the other models (e.g.,
Melosh, 1989; Mitani, 2003). Shock waves propagate as spherical
waves centered at the center of the isobaric sphere. They are re-
flected at the surface with a 180� phase change but no loss of en-
ergy. The interference of the direct and reflected waves near the
surface reduces the effective shock pressure appreciably. The inter-
ference effect is calculated using the method by Melosh (1989)
after modifying it to a spherical coordinate formulation. Upon
impinging the core–mantle boundary (CMB) the waves are partly
reflected back to the mantle and partly transmitted to the core.
The interference of the direct and reflected waves in the mantle
near CMB has less effect on impact heating and is ignored. How-
ever, major parts of the direct waves are transmitted to the core.
The angle of transmission is determined using Snell’s law, and
the transmission coefficient is obtained using the Planar Imped-
ance Matching technique derived on the basis of Hugoniot equa-
tions (see Appendix A). Fig. 1 shows the resulting shock pressure
distribution inside the planets. The maximum pressure occurs in-
side the isobaric sphere, and the pressure outside of the sphere de-
cays rapidly with distance from the center of the sphere. The decay
is more effective for high impact velocities according to Pierazzo
et al.’s (1997) model. Because the shock wave velocity of the liquid
iron core is smaller than that of the overlying solid silicate mantle,
the refracted angle at CMB is smaller than the incident angle
according to Snell’s law. Consequently, only a very limited part of
CMB, �20% of the total area, receives direct shock waves, while

major part of the mantle in the shadow zone of the core receives
no shock wave. The transmitted shock waves travel throughout
the core and impinge CMB in the antipode region and then emerge
out of the core. But by the time they reach the antipode region of
CMB they lose major part of their energy. This is better illustrated
in Fig. 2a where the shock pressure is displayed along the axis of
symmetry directly beneath the impact site. Therefore, the shock
pressure in the antipode region of the mantle due to the transmit-
ted waves from the core to the mantle is ignored in this study. The
peak pressures in the isobaric spheres are included in Table 1.
Fig. 2b is a close up of Fig. 2a near CMB, showing abrupt increase
in the pressure across CMB. The shock pressure in the core exceeds
the lithostatic pressure, indicating direct heating of the core by the
shock waves.

As shock waves pass, a large percentage of the deposited energy
is released as kinetic energy which results in the excavation of a
basin. The remaining energy heats the target and impactor (Bjork-
man and Holsapple, 1987). The corresponding impact-induced
temperature increase is estimated using the ‘‘foundering’’ shock
heating mechanism of Watters et al. (2009) which uses the differ-
ence between the shock pressure and the pre-existing lithostatic
pressure in the Hugoniot equations and assumes a uniform density
medium. Accordingly, two-layered models, a uniform mantle over-
lying a uniform core, are adopted for the planets. The relevant
physical parameters are listed in Table 2. Included in Fig. 2 are
the lithostatic pressure distributions inside the model planets for
comparison. Impact heating will be effective wherever the shock
pressure surpasses the lithostatic pressure. Fig. 3 shows the result-
ing temperature increases inside the planets. The impact heats the
sub-impact hemispheres, while the antipode hemisphere is largely
blocked by the core, and only the upper most mantle of this hemi-
sphere receives minor impact heating. Fig. 4a shows the profiles of
the impact temperature increase along the axis of symmetry. The

Table 1
The results of the scaling laws. Db = basin diameter, Dtr = transient diameter, Diso = diameter of the isobaric sphere, Dimp = impactor diameter, Vimp = impact velocity (Neukum and
Wise, 1976; Neukum et al., 2001), Po = shock pressure in the isobaric sphere, and Eimp = kinetic energy of the impactor.

Planet Db (km) Dtr (km) Diso (km) Dimp (km) Vimp (km/s) Po (Pa s, 1011) Eimp (J, 1027)

Mars 3380 2035 432 589 10 2.4 18.75
Mercury 1550 992 118 128 30 12.9 1.62
Moon 2400 1577 206 251 17 5.2 3.95

Fig. 1. The impact-induced shock pressure insider, from top to bottom, Mars,
Mercury and Moon, calculated using the crater scaling laws of Holsapple (1993) and
Melosh (1989) and the average shock pressure model of Pierazzo et al. (1997). See
Tables 1 and 2 for physical parameters. Note that the pressures below the antipodal
points of the cores are not considered.
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temperature increase is largest in the isobaric sphere located di-
rectly beneath the impact site, and largest for the highest impact
velocity. It is related to the shock pressure Ps which is strongly con-
trolled by the impact velocity Vimp (e.g., Melosh, 1989),

Ps ¼ ðCm þ SmVimp=2ÞqmVimp=2; ð1Þ

where qm is the pre-shocked density, Cm is the acoustic velocity of
the mantle and Sm is a constant (Melosh, 1989). In this expression
the particle velocity is set to Vimp/2 assuming similar target and
impactor materials. The impact temperature increase in the isobaric
sphere is well above the liquidus of the mantle. In fact, at high im-
pact velocities of Moon and Mercury, assumed 17 and 30 km/s
respectively (Neukum et al., 2001), the impact temperature increase
actually surpasses the vaporization temperature of mantle and
appreciable amounts of the impactor and target are vaporized.
However, no melting or vaporization is considered in Fig. 4a. This
is because melting and vaporization must be taken into account
once the impact temperature increase is added to the pre-impact
temperature distribution, as will be implemented in the next sec-
tion. Therefore, Fig. 4a actually shows the equivalent potential tem-
perature increases by the impacts along the axes of symmetry.
Fig. 4b shows the details near CMB extracted from Fig. 4a. The tem-
perature increase by direct shock heating of the core is substantially
more than that at the base of the mantle, partly because of the small
specific heat of iron core compared to that of silicate mantle and
partly because of the pressure jump across CMB. The abrupt tem-
perature increase occurs wherever CMB receives direct shock wave,
i.e., about 20% of the entire area of CMB. The temperature is contin-
uous across the remaining 80% of the boundary which never re-
ceives shock waves. We note that the abrupt increase of the
temperature directly below CMB prevents the impact-heated base
of the mantle to reduce the heat flux out of the core.

Roberts et al. (2009) suggested that heating of the mantle of
Mars by an impactor which is capable of creating a large basin
(diameters >2500 km) can reduce the global heat flow out of core
by more than 10%. The authors used the ‘‘ordinary’’ shock heating
mechanism of Watters et al. (2009), which highly overestimates

the impact heating by not incorporating the lithostatic pressure
in the Hugoniot equations, whereas the ‘‘foundering’’ shock heat-
ing mechanism we have adopted incorporates the lithostatic pres-
sure and is more realistic (Watters, personal communication,
2009). Our calculations show that the impact-heated lower mantle
may reduce the global heat flux out of the core but much less than
0.1%. However, the sudden jump of the temperature across CMB
(Fig. 4b) can easily off set the core heat flux reduction by the
heated base of the mantle.

3. Impact-induced mantle dynamics

An impact heats a planet differentially, with high impact tem-
perature increases in the isobaric sphere directly below the impact
site and lower temperature increases at far distances from the
sphere. This highly non-uniform temperature distribution controls
the post-impact mantle dynamics of the planet. To investigate the
effects of the impact heating on the dynamics of the mantle we cal-
culate the thermal evolution of a pre-impact model starting at
4.6 Ga, allow an impact to occur at 4 Ga, and then resume our cal-
culation for the post-impact model. The impact times are not well
constrained. The giant impacts likely occurred during the cata-
strophic bombardment period in the Solar System at around
4 Ga. The age of the Utopia basin based on the crater density is esti-
mated to be 4.111 Gyr ± 30 Myr (Frey, 2008). We note that the
main results of this study are almost independent of the exact
age of the impacts, as long as it is sometime around 4 Ga. This is
because the pre-impact temperature in the mantle near the impact
time is slowly varying function of time. But more importantly, the
impact-induced temperature increase is independent of the impact
time.

The pre-impact and post-impact models we consider have iden-
tical physical properties except for the impact heating imposed on
the post-impact model. However, simple addition of the impact-in-
duced temperature increase to the temperature distribution of the
pre-impact model is not viable because of the lack of information
about the impact site relative to the pre-existing mantle dynamics.

Fig. 2. Shock pressure distributions created in Mars by Utopia, Mercury by Caloris, and Moon by Aitken, along the axes of symmetry which pass the impact sites. The solid
thick curves show the lithostatic pressure distribution. The negative radius denotes the radius in the antipode region. Impact heating occurs where shock pressure exceeds
lithostatic pressure. The right column shows the details near CMB.
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Therefore, we add the impact temperature increase to the laterally
averaged, spherically symmetric part of a pre-impact temperature
distribution, and set the pre-impact convection velocity to zero
immediately before the impact. This isolates the impact-induced
convection of the post-impact model from that of the pre-impact
convection. In the following we discuss the pre-impact and post-
impact models separately. The common physical parameters of
the two models (Table 2) are described for the pre-impact model.
The mantle dynamic equations are solved numerically following
the procedure used by Ghods and Arkani-Hamed (2007) and using
equal distance grids of 241 points in the radial direction and 241
points in the lateral direction, except for Mars where the lateral
grid has 481 points because of the larger size of the planet.

For a given planet a pre-impact model is calculated to establish
a reasonable temperature distribution prior to the impact. The
model starts at 4.6 Ga, immediately after the core formation and
magma ocean solidification so that the mantle can be modeled as
viscous body with no more than 3% melt. The initial temperature

is assumed spherically symmetric, increasing linearly from surface
temperature of 230 K to the solidus at 100 km depth, then adiabat-
ically down to near CMB, a small rise inside a 100 km thick lower
thermal boundary layer of the mantle, and again adiabatically in
the core. Radioactive heat generation is taken into account in the
mantle and the crust, but no internal heating or solidification is
considered for the core. The radioactive elements concentration
at present follows that of Wanke and Dreibus (1994): with K, Th
and U values of 305 ppm, and 56 and 16 ppb, respectively. Thirty
percent of the radioactive elements are allocated to the crust and
the rest are uniformly distributed in the mantle. The initial thick-
ness of the crust is taken to be 50 km. Melting of a rock takes place
within a range of temperatures starting from solidus where the
first partial melting occurs and ending at liquidus where the entire
rock is molten. We adopt McKenzie and Bickle’s (1988) solidus and
liquidus temperatures of dry peridotite for the mantles of the
planets.

Fig. 5 shows the initial temperature distributions of the pre-im-
pact models, i.e., at 4.6 Ga, the spherically symmetric laterally aver-
aged temperature distributions immediately before the impacts,
assumed to occur at 4 Ga, and the temperature profiles immediately
after the impacts along the axes of symmetry directly beneath the
impact sites, obtained by adding the impact temperature increase
to the spherically symmetric pre-impact temperature distributions.
We note that the impact heating is instantaneous and almost in-
stantly melts and largely vaporizes the entire isobaric sphere di-
rectly beneath the impact site as seen in Fig. 4a. A major part of
vaporized material is lost very quickly and the melt outpours and
fills the transient cavity while the upper mantle uplifts isostatically
in a short time. Our post-impact thermal evolution models start
when these very early impact-induced processes are completed
and the mantle can be treated as a viscous medium with no more
than 3% melt. However, to account for the thermal effects of these
early processes, we modify temperature to correspond to 25% partial
melting wherever melting occurred more than 25%. We assume that
temperature in a partially molten region increases linearly from sol-
idus to liquidus. The linear parts of the temperature profiles imme-
diately after the impacts represent the modified temperatures.
This approximation may underestimate the effects of the impact
heating on the post-impact mantle dynamics.

The post-impact thermal evolution of a planet is determined
following the procedure used by Ghods and Arkani-Hamed

Table 2
Physical parameters of the model planets. R = radius of the planet, Rc = core radius,
qo

m = pre-shocked mantle density, qo
c = pre-shocked core density, qimp = density of the

impactor, Vimp = impact velocity, D⁄ = simple to complex crater transition diameter,
Db = basin diameter, gs = gravitational acceleration at the surface, gc = gravitational
acceleration at CMB, Cm = acoustic velocity of the mantle, Cc = acoustic velocity of the
core, Cpm = specific heat of the mantle, Cpc = specific heat of the core, am = thermal
expansion coefficient of the upper mantle, ac = thermal expansion coefficient of the
core, Km = thermal conductivity at the lower thermal boundary layer of the mantle,
Kc = thermal conductivity of the core, Sm = a constant in the linear relationship
between shock wave velocity and particle velocity for the mantle (an estimated value
for dunite, Table AII-2, Melosh, 1989), Sc = a constant in the linear relationship
between shock wave velocity and particle velocity for the core (Ahrens et al., 2002),
m = kinetic viscosity of the core, g0 = reference dynamic viscosity of the mantle,
Dg = viscosity contrast in the mantle, b = melting expansion coefficient, L = latent
heat of melting of mantle, U = present Uranium concentration, K/U = present ration of
Potassium to Uranium concentrations, Th/U = present ration of Thorium to Uranium
concentrations, Ts = temperature at the surface, Tsol = solidus at 100 km depth,
Tc = initial temperature at CMB, and qc = heat flux at CMB immediately before the
impact.

Mars Mercury Moon

R (km) 3390 2440 1740
Rc (km) 1700 2050 350
qo

m ðkg=m3Þ 3500 3300 3300

qo
c ðkg=m3Þ 7500 6900 7000

qimp (kg/m3) 3500 3300 3300
Vimp (km/s) 10 30 17
D⁄ 7 7 15
Db (km) 3380 1550 2400
gs (m/s2) 3.71 3.70 1.62
gc (m/s2) 3.32 3.95 0.68
Cm (m/s) 7.4 7.4 7.8
Cc (m/s) 4.0 4.0 4.0
Cpm (J kg�1 K�1) 1200 1200 1200
Cpc (J kg�1 K�1) 600 600 600
am (K�1) 3 � 10�5 3 � 10�5 3 � 10�5

ac (K�1) 1 � 10�5 1 � 10�5 1 � 10�5

Km (W m�1 K�1) 4 4 4
Kc (W m�1 K�1) 40 40 40
Sm 1.25 1.25 1.25
Sc 1.6 1.6 1.6
m (m2/s) 10�2 10�2 10�2

g0 (Pa s) 1019 1019 1019

Dg (Pa s) 1000 1000 1000
b 0.024 0.024 0.024
L (kJ kg�1) 400 400 400
U (ppb) 16 16 16
K/U 19,062 19,062 19,062
Th/U 3.5 3.5 3.5
Ts (K) 273 273 273
Tsol (K) 1541 1536 1445
Tc (K) 2000 1900 1800
qc (mW/m2) 15 15 4

Fig. 3. Impact induced temperature increase in, from top to bottom, Mars, Mercury,
and Moon. Note that only very small parts of the cores of Mars and Moon directly
beneath the impact sites are impact-heated.
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(2007). Briefly we adopt a 2D axi-symmetric spherical model with
temperature-dependent viscosity and thermal conductivity, pres-
sure-dependent thermal expansion, and a fixed surface tempera-
ture (see Table 2 for relevant physical parameters). The CMB is a
cooling boundary which allows thermal interaction of the core
and mantle while the core retains a spherically symmetric adia-
batic temperature distribution. The mantle melts as its tempera-
ture surpasses the solidus, and melt remains in the solid matrix
and moves with the matrix if the melt percent is less than or equal
to 3%. The excess melt is extracted and placed on the surface
instantaneously. Melting reduces the density and increases the vis-
cosity of the solid residue (e.g., Hirth and Kohlstedt, 1996). We con-
sider both melt depletion buoyancy (due to the low-density solid
residue) and melt retention buoyancy (due to the presence of
low-density melt in the pours) in the momentum equation. Also
the enthalpy of melting is taken into account in the energy equa-
tion and the temperature and melt-depletion fields are calculated
accordingly. A melt depletion field specifies the solid residue after
a certain amount of melting. For example, a melt depletion of 0.10
indicates a solid residue after 10% melting. We adopt a reference
viscosity of 1019 Pa s which represents the mean viscosity of the
convecting mantle, and a viscosity contrast factor of 1000 which
established a high viscosity stagnant lithosphere (Ghods and Ark-
ani-Hamed, 2007). Also, to account for the effect of melting we in-
crease the viscosity of the solid residue linearly by up to a factor of
10 for a maximum of 25% melting (at higher percentage of melting
the mantle becomes mushy and cannot be handled by our com-
puter code). The viscosity at a given point changes during the evo-
lution because of the time variations of temperature and melting.
Our model viscosity changes significantly in the stagnant litho-
sphere and only moderately in the convecting part of the mantle,
which is consistent with the viscosity variations in a stagnant lid
convection regime (e.g., Grasset and Parmentier, 1998). We also
examined a reference viscosity of 1020 Pa s which is probably a
higher estimate for the mantles of the planets at 4 Ga. Although
this higher viscosity reduces the vigor of mantle convection, it
has minor effects on the main results of this paper. The thermal
expansion coefficient decreases linearly by a factor of 2 from sur-

face to CMB, and the temperature-dependent thermal conductivity
obeys Schatz and Simmons’ (1972) experimental expression.

The post-impact thermal evolution models start immediately
after the impacts. All models are calculated for a period of 100
Myr, but only the results in the early stages are presented to better
illustrate the effects of the impacts on the mantle dynamics. In-
cluded in Fig. 5 are the snapshots of temperature profiles along
the axis of symmetry, which show the upwelling of impact induced
hot plumes. Despite the thin mantle of Mercury, a total of 390 km
for the mantle plus the crust, the Rayleigh number is still higher
than critical and convection takes place though not very
vigorously.

Fig. 6 show the snapshots of the 2D axi-symmetric tempera-
ture distributions, including the laterally averaged spherically
symmetric temperature immediately before the impact, and the
temperature distributions due to mantle convection derived by
the impact-induced temperature perturbations. Also included in
Fig. 6 are the snapshots of the melt depletion field, showing the
solid residue remaining after a certain percentage of melting. It
is clear from the figure that impact effects remain in the impacted
hemisphere in all of the planets and do not penetrate to the anti-
pode hemisphere, at least during the thermal evolution time con-
sidered. Because of the thin mantle, convection is mainly confined
to regions close to the impact site of Mercury. The undulating
structures in the lunar and martian models are largely related
to global convection occurring in later times. It is worth remind-
ing that the pre-impact convection velocity and the lateral varia-
tions of temperature and depletion fields are set to zero
immediately before the impact to isolate the impact effects on
the mantle dynamics from those of the pre-impact perturbations,
as mentioned before. It takes about 20–40 Myr for the impact-in-
duced plume to reach the base of the lunar and Mercurial litho-
sphere, but less than 4 Myr in the case of Mars because of
vigorous convection in the martian mantle.

In summary, the hot and very buoyant isobaric spheres created
by the impacts inside the planets quickly ascend and generate a
strong upwelling of the mantle directly beneath the impact sites.
The upwelling sweeps away the impact-heated base of the mantle

Fig. 4. The profiles of the impact temperature increases along the axes of symmetry passing the impact sites. The right column shows the details near CMB.
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and replaces it with the cold surroundings which have never re-
ceived shock heating. This plus the direct impact heating of the
core, which results in a hotter core than the mantle immediately
above, suppress the effects of the impact-heated base of the mantle
on the heat flux out of the core.

4. Cooling of a stratified core

The impact heating is limited to the small uppermost part of the
core in the sub-impact regions for Mars and Mercury, while that of
the Moon penetrates to the entire core, though the temperature in-
creases are very small. In all three planets, the core is heated differ-
entially and the impact-induced temperature increases are far
larger than the temperature perturbations associated with convec-
tion in iron-rich planetary cores, estimated to be much less than
1 K (e.g., Stevenson, 1987; Christensen and Wicht, 2007). The dif-
ferentially heated core becomes quite unstable and re-distributes
the shock-heated fluid onto spherically symmetric isothermal sur-
faces with increasing temperature as a function of distance from
the center, resulting in a stable thermal stratification within about
a few tens of years (Arkani-Hamed and Olson, 2010b).

This section presents the thermal evolution of the stratified
cores of Mars, Mercury and Moon, calculated following the proce-
dure adopted by Arkani-Hamed and Olson (2010a). Briefly, the
stratified impact temperature increases (Fig. 7) are added to the
pre-impact adiabatic temperature distributions which are assumed
to be 2000, 1900, and 1800 K at CMBs of Mars, Mercury and Moon,
respectively. The resulting spherically symmetric temperature dis-
tributions are considered the initial conditions for the thermal evo-
lution of the stratified cores of the planets. We note that about 20%
of CMB receives direct shock wave, and major shock heating occurs
only on �10%, as seen in Fig. 3. The base of the mantle overlying
the remaining 80% of the boundary is not impact-heated at all,
which will dominate the subsequent cooling of the core. Accord-
ingly, we calculate the thermal evolution of the core of a planet
assuming that it is overlain by the pre-impact lower thermal
boundary layer of the mantle with an initially linear temperature
distribution, estimated using a pre-impact core heat flux. We con-
sider the lowest 50 km of the boundary layer. Heat fluxes of 15 and
4 mW/m2 at CMB are used for Mars and Moon at 4 Ga which are
consistent with the estimated values by other investigators (Wil-
liams and Nimmo, 2004; Ghods and Arkani-Hamed, 2007), and a
heat flux of 15 mW/m2 is adopted for Mercury at 4 Ga. We note
that the 15 mW/m2 heat flux at CMB of Mars is sufficient to cool
the core and power core dynamo (Breuer and Spohn, 2003; Wil-
liams and Nimmo, 2004). The temperature at the top of the mantle
boundary layer is kept unchanged since the laterally averaged
internal temperature of the mantle hardly changes during the
short thermal evolution of the stratified core. Because of the very
low viscosity of the liquid iron, convection develops in the outer
parts of the core shortly after the stratification, and the core cools
through convection to the mantle. In the mean time, the convec-
tion penetrates to deeper parts of the core.

Figs. 8a–8c shows the temperature profiles in the cores and the
overlying mantle layers of Mars, Mercury and Moon. A kinematic
viscosity of 10�2 m2/s is adopted for the cores in these calculations.
Arkani-Hamed and Olson (2010b) examined a range of viscosities
between 10�4 and 104 m2/s for martian core models and concluded
that the core cooling is less sensitive to viscosity, but it is mainly
controlled by the overlying mantle. While the impact heat is being
exhausted to the mantle the middle part of a core is heated, largely
by the downward heat conduction from the hotter outer part of the
stratified core and partly by upward heat conduction along the
adiabat from the central part. This reduces the temperature gradi-
ent below the adiabat and results in a sub-adiabatic core. Fig. 9

Fig. 5. Laterally averaged initial temperature profiles at 4.6 Ga (Init), laterally
averaged profiles of temperature immediately before the impacts at 4 Ga (Pre), and
several snapshots of temperature profiles along the axes of symmetry beneath the
impact sites of (a) Moon, (b) Mercury, and (c) Mars. The numbers on the curves
denote times after the impact in Myr.
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shows the heat fluxes out of the cores corresponding to the ther-
mal evolution models presented in Figs. 8a–8c. The outer most
parts of the cores cool very rapidly in the first 200–400 kyr and
the heat fluxes become very low at later times. The convection is
penetrative and gradually thickens (Fig. 10) until major part of
the impact heat is exhausted to the mantle, and then it penetrates
very rapidly to the center and global convection resumes. This ra-
pid penetration is due to the fact that temperatures in the deeper
parts of a core remain close to the adiabatic temperature as seen
in Figs. 8a–8c. It takes about 17, 4.5 and 4.6 Myr for the penetrating
convection to reach the centers of Mars, Mercury, and Moon and
resume global convection.

5. Evolution of the core dynamos

Once a core is stratified and the core convection diminished, a
pre-existing core dynamo decays in time through magnetic diffu-
sion. The dipole component of a core field decays with a character-
istic time of sdipole ¼ l0rR2

c=p2, where Rc is the radius of the core,
l0 (=4p � 10�7 Henry�1) is the magnetic permeability of free space
and r is the electrical conductivity of the core. The electrical con-
ductivity strongly depends on the chemical composition of the
core, which is poorly understood especially in the first 500 Myr
of the planets’ history. Using 5 � 105 S m�1 for the electrical con-
ductivity, to be similar to that of the Earth’s core (Stacey, 2007),

Fig. 6. The snapshots of temperature (top two rows) and melt depletion (bottom two rows) fields for (a) Moon, (b) Mercury, and (c) Mars. The post-impact times on the
panels start at the impact time.
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the decay times of the dipole fields of Mars, Mercury and Moon are
calculate to be 5.8, 8.51, and 0.25 kyr, respectively.

It is expected that a core dynamo is regenerated inside the con-
vecting outer core with increasing intensity as the convecting zone
thickens in time. Fig. 11 shows the mean magnetic field intensity B
inside the convecting zones of the cores obtained using Eq. (48) of
Christensen and Aubert (2006),

B ¼ 0:9l1=2
o q1=6

c ½ðacgcqadvRcdÞ=ðCpcRiÞ�1=3 ð2Þ

where gc is the gravitational acceleration at CMB, and qc and Cpc are
the density and specific heat of the core. Ri is the radius of the bot-
tom of the outer convecting shell and d (= Rc� Ri) is the thickness of
the convecting layer. The buoyancy flow over the entire surface QB

in Eq. (48) of Christensen and Aubert (2006) is expressed in Eq. (2)
in terms of the advective heat flux per unit area qadv. In a thermally
driven dynamo QB ¼ 4pR2

c acqadv=Cpc . The advective heat flux qadv is
the total heat flux q at CMB (Fig. 9) minus the conductive heat flux
along the adiabat qa,

qa ¼ 4pacqcGKcRcTa=3Cpc ð3Þ

where G, Kc, and Ta are the gravitational constant, thermal conduc-
tivity of the core, and adiabatic temperature at CMB. The adiabatic
heat flux at CMB is about 4.7, 5.0, and 0.8 mW/m2 for Mars, Mercury
and Moon based on the physical parameters in Table 2. In the low-
viscosity convecting layer the heat transfer by conduction is less
than the heat transfer by advection. We replace qadv by q to obtain

Fig. 6 (continued)
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an upper limit for B. The mean magnetic field intensity inside the
convecting shell remains below 3 � 105 nT for Mars and Mercury,
and below 105 nT for Moon before the global core convection re-
sumes. We note that the dipole component of the magnetic field
in the outer core is probably 3–10 times weaker than the mean field
as estimated by Christensen and Aubert (2006). Also the dipole field
decays by a factor of (Rc/R)3 as it reaches the surface at radius R. This
factor is about 0.13, 0.59, and 0.008 for Mars, Mercury and Moon.
Higher degree harmonics decay even more rapidly. It is worth
emphasizing that there is no appreciable magnetic field near the
surface of the planets to magnetize the crust before the resumption
of global core convection.

Utopia impact, which is the largest among the 20 giant impacts
of Mars that occurred around 4.2–3.9 Ga (Frey, 2008), could have
crippled the core dynamo of Mars for about 17 Myr. Similar calcu-
lations made for Hellas impact, which is the smallest and youngest
of the 7 largest impacts on Mars, show that the impact could have
crippled the core dynamo of Mars for a short time of �0.5 Myr. The
time interval among the 7 largest impacts is �27 Myr, emphasizing
that the collective effects of the impacts could have appreciably
suppress the core dynamo, although each one could have only crip-
pled the dynamo for a short time. Whether the core dynamo was
actually regenerated after this period and lingered for a much long-
er time is not yet clear and requires further investigation. The exis-

Fig. 6 (continued)
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tence of the core dynamo of Mercury at present is a good indication
that Caloris could only cripple the core dynamo of Mercury for a
short time, and appreciable core dynamo has been regenerated
once global core convection resumed. Because of the lack of a core
field of Moon at present, and based on the above estimates, it not
possible to confirm that Aitken impact was responsible for the ces-
sation of the lunar core dynamo.

6. Discussion and conclusions

We investigated the possibility that giant impacts on small ter-
restrial planets, Mars, Mercury and Moon were capable of crippling
their core dynamos. We calculated the impact heating of the inte-
rior of the planets by the impactors that created the largest basins
on them, namely Utopia on Mars, Caloris on Mercury, and Aitken
on Moon. It is shown that the impacts could have heated the inte-
rior of the small planets significantly. However, the impact-heated
mantle does not reduce the heat flux out of the core and thus has
no effect on the possible pre-impact thermally-driven core dyna-
mo. This is because the impact heating strongly decays with depth
resulting in a very small temperature increase at the base of the
mantle. Also, the superheated isobaric sphere in the upper mantle
created by an impact quickly ascends and induces an upward mo-
tion near CMB, replacing the impact-heated region with the cold
surrounding material that has never been heated by shock waves.
On the other hand, the direct shock heating of the core increases
the temperature directly beneath CMB more than the temperature
increase in the base of the mantle. The differential heating of the
core by the shock waves transmitted to the core sets up a strong
thermal overturn which stratifies the core and suppresses the
pre-existing thermal convection, consequently crippling a possible
pre-impact thermally-driven core dynamo. Subsequent cooling of
the stratified core generates convection in the outer core which
gradually penetrates deeper in the core. A weak dynamo is gener-
ated inside the convecting outer core and gradually increases in
intensity and becomes a strong dynamo when the entire core starts
convecting globally. It takes about 17, 4.5, and 4.6 Myr for the cores
of Mars, Mercury, and Moon to exhaust the impact heat and devel-
op global convection and possibly power new core dynamos.

There are many reasons to believe that the results presented in
this paper are rough estimates at best, obtained on the basis of
existing information. Here we briefly discuss major sources of
uncertainty.

1. Estimating the impactor energy on the basis of observed basin
size is essentially an inverse problem with inherent non-
uniqueness. The formation mechanism of giant basins is still a

Fig. 8a. The spherically symmetric temperature distribution inside the cooling stratified core and the overlying mantle layer of Mars. Only parts of the core and mantle layer
are shown for better illustration. The numbers on the curve denote time in Myr after the stratification of the core. Note the thermal diffusion from the outer core to the deeper
region and thickening of the convecting outer core.

Fig. 7. The impact temperature increase in the stratified cores of Mars, Mercury,
and Moon.
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matter of debate. The scaling law of Holsapple (1993) we have
adopted for giant impact basins provides a rough estimate of
their transient diameters. Majority of impacts on planets are
oblique, and more than 50% have impact angles ranging from
30� to 60� relative to the tangent plane of the surface of a planet
(Shoemaker, 1962), while we have assumed vertical impacts
resulting in circular basins in accordance with the scaling law
we have adopted. However, at high impact velocities investi-
gated in this study shock wave can be considered to originate
approximately from a point-source and the resulting transient
cavity is essentially circular for impact angles larger than 30�
(Elbeshausen et al., 2009). Also, for these impact angles the
morphology of shock pressure distribution at far distances from
the impact site is less sensitive to the impact angle (Pierazzo
and Melosh, 2000). Although the shape of the transient cavity
is less sensitive to the impact angle, the size of the cavity
depends on the impact angle as demonstrated by Elbeshausen

et al. (2009). However, the deformation of a transient cavity
shortly after its formation and the subsequent modification of
a giant basin and pervasive volcanic activities in the last 4 Gyr
have obliterated the transient cavity of the giant basins consid-
ered in this study. The post-impact collapse of a giant impact
basin is largely controlled by dynamic weakening along
impact-induced faults (e.g., Senft and Stewart, 2009) and the
transient diameter of the basin is likely closer to its final diam-
eter than that obtained from the scaling laws. These factors fur-
ther add to the non-uniqueness of the inverse problem and the
uncertainty of the results.

2. The impact times are not very accurate. It is usually stated that
these giant impacts occurred during the catastrophic bombard-
ment period in the Solar System at around 4 Ga ± �100 Myr.
The age of Utopia basin is estimated to be �4.111 Gyr ± 30
Myr (Frey, 2008). We note that the main results of this study
are almost independent of the exact ages of the impacts as long

Fig. 8c. The spherically symmetric temperature distribution inside the cooling stratified core and the overlying mantle layer of Moon. See caption to Fig. 8a for details.

Fig. 8b. The spherically symmetric temperature distribution inside the cooling stratified core and the overlying mantle layer of Mercury. See caption to Fig. 8a for details.
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as they are around 4 Gyr. This is because the pre-impact tem-
perature in the mantle near the impact time is a slowly varying
function of time. But more importantly, the impact-induced
temperature increase is independent of the impact time.

3. The Planar Impedance Matching (PIM) method adopted at a
given point on CMB is based on the simplifying assumptions
that (a) the mantle impacts on the core vertically with an
impact velocity equal to the vertical component of the particle
velocity in the mantle created by the incident shock wave and
(b) the reflected shockwave propagates in a quiescent medium.
Ivanov et al. (2010) have recently investigated the impact heat-
ing of Mars by a 800 km diameter impactor using the SALEB
Hydrocode model. The authors showed that the shock pressure
abruptly jumps across CMB by about 11–12 GPa as seen in the
log–log plot of their Fig. 3. This provides good opportunity to
test our PIM method against the Hydrocode model. Using the

physical parameters adopted by Ivanov et al. (i.e., qo
C ¼

7680 kg=m3, qm = 3320 kg/m3, Sc = 1.58, Sm = 0.2, Cc = 3800 m/
s, and Cm = 7800 m/s) and the lithostatic pressure we deter-
mined on the basis of the two-layer Mars model, we estimate
the shock pressure distribution inside Mars created by an
impactor of 800 km in diameter with an impact velocity of
10 km/s on the basis of Pierazzo et al.’s (1997) shock pressure
distribution models. Accordingly, the shock pressure Ps decays
exponentially with distance r from the isobaric center as

Ps ¼ Pcðrc=rÞn; n ¼ aþ b logðVimpÞ; a

¼ �1:84� 0:17 and b ¼ 2:61� 0:14 ð4Þ

where Pc is the pressure inside the isobaric sphere of radius rc

and Vimp is the impact velocity in km/s. Fig. 12 shows the average
shock pressure distribution inside Mars and its upper and lower

Fig. 9. Heat flux out of the cooling stratified cores of Mars, Mercury and Moon. The horizontal axis is the time since the stratification of the cores. Note that the axis is
truncated at 8 Myr, for better illustration.

Fig. 10. Time variations of the thickness of the convecting outer cores of Mars, Mercury and Moon. The horizontal axis is the time since the stratification of the cores.
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limits calculated using the upper and lower values of a and b in
Eq. (4). The pressure jump at CMB based on the average model is
about 5 GPa, which is between 1 and 16 GPa obtained for the
upper and lower limit models seen in Fig. 12. The difference in
the pressure jump between the two techniques is well within
the limits of the pressure jump of Pierazzo et al.’s (1997) models.
We note that the pressure jump is about 10% of the total pres-
sure immediately beneath CMB, implying that the PIM method
results in a slightly lower shock pressure and thus lower impact
heating of the core, by no more than about 10%.

4. Watters et al. (2009) investigated three different shock heating
mechanisms, namely ‘‘ordinary’’, ‘‘foundering’’ and ‘‘climbing’’.
The ‘‘ordinary’’ model adopts a uniform density mantle and
assumes that the pre-shocked material is at zero pressure in
the Hugoniot equations, whereas the ‘‘foundering’’ model
includes the lithostatic pressure in the equations. The ‘‘climb-
ing’’ model accounts for the changes in the Hugoniot equations

due to lithostatic pressure and depth-dependent density in the
mantle. Although this mechanism is more realistic, it requires
viable density models of the planets at about 4 Ga, which are
not well constrained. For this reason we adopted the ‘‘founder-
ing’’ model. The ‘‘ordinary’’ model significantly overestimates
the impact temperature increase (Watters, personal communi-
cation, 2009), whereas the ‘‘foundering’’ model yields the least
temperature increase. The temperature increase by the ‘‘climb-
ing’’ model is within the two others, but closer to that of the
‘‘foundering’’ model (see Fig. 2 of Watters et al. (2009)).

5. During the cooling of a core the heat is conducted from both
outer and inner parts to the middle of the core, thus reducing
the temperature gradient below the adiabatic gradient in the
major part of the core. Kuang et al. (2008) showed that if mar-
tian dynamo happened to be in a subcritical convective state
(that is, convecting with a subcritical thermal gradient because
of the destabilizing effect of its magnetic field) a very small per-

Fig. 11. Mean magnetic field inside the convecting outer cores of Mars, Mercury and Moon. The horizontal axis is the time since the stratification of the cores.

Fig. 12. The shock pressure produced inside Mars by a 800 km diameter impactor with an impact velocity of 10 km/s estimated using the average, the maximum, and
minimum exponential decay parameters of Pierazzo et al. (1997).
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turbation could terminate the dynamo, and significantly more
energy is required to reignite the dynamo. This implies that
the core may not readily regenerate dynamo even when the
penetrative convection reaches the center. It may take much
longer time than estimated in the present study to re-establish
a strong dynamo.

6. In adopting Eq. (48) of Christensen and Aubert (2006) we
replaced the advective heat flux by the total heat flux out of
the core. Although the advective heat flux is usually much more
than the conductive one, in an iron core the latter can be appre-
ciable. By ignoring the latter we overestimated the intensity of
the magnetic field generated in the convecting outer core by no
more than 50%.
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Appendix A

The shock wave produced by an impact propagates in the man-
tle as a spherical wave centered on the isobaric region. A spherical
shock front encounters the spherical surface of the core and gets
partly reflected back into the mantle and partly transmitted to
the core. Both the magnitude of the shock pressure and the angle
of incidence at CMB change with the co-latitude relative to the
sub-impact point (Fig. A1). This appendix estimates the shock pres-
sure in the core immediately beneath mantle using the Planar
Impedance Matching (PIM) formulation at a given point on CMB.
The formulation is derived on the basis of the two Hugoniot equa-
tions, conservation of mass and conservation of momentum, while
the interior of the planet is assumed to be quiescent prior to the
impact but under lithostatic pressure. In the following U and u
are the shock wave and particle velocities, the indices m and c
stand for mantle and core, and the index r denotes the reflected
wave.

The incident wave travels in the quiescent mantle, the two
Hugoniot equations and the empirical linear relationship between
the shock wave velocity and particle velocity are,

qmðUm � umÞ ¼ qo
mUm ðA:1Þ

Pm � Po
m ¼ qo

mumUm ðA:2Þ
Um ¼ Cm þ Smum ðA:3Þ

where qo
m and qm are the pre-shock and post-shock mantle densi-

ties, Pm is the pressure behind the incident shock front, Po
m is the

pre-existing lithostatic pressure ahead of the incident shock wave,
Cm is the acoustic velocity of the mantle (¼ ½Km=qo

m�
1=2, where Km

is the bulk modulus), and Sm is a constant.
Likewise the transmitted wave travels in the quiescent core, and

the corresponding equations are

qcðUc � ucÞ ¼ qo
CUc ðA:4Þ

Pc � Po
c ¼ qo

c ucUc ðA:5Þ
Uc ¼ Cc þ Scuc ðA:6Þ

The reflected shock wave near CMB does not propagate in a quies-
cent medium, rather it propagates inside a medium that is already
shocked by the incident wave which increased the density and pres-
sure and resulted in particle velocity in the region ahead of the re-
flected shock wave. The reflected shock front is no longer normal to
the resultant particle velocity, because of the distinctly different
directions between the propagating reflected shock wave and the
pre-existing particle velocity ahead of the shock wave (Han and
Yin, 1993). To make a simplifying approximation the particle veloc-
ity ahead of the reflected shock wave is ignored, while the increased
density and pressure are taken into account. This approximation
simplifies the Hugoniot equations of the reflected shock wave as

q0mðUr � urÞ ¼ qmUr ðA:7Þ
Pr � Pm ¼ qmurUr ðA:8Þ
Ur ¼ Cm þ Smur ðA:9Þ

where qm and Pm are the increased density and pressure ahead of
the reflected shock wave, and q0m is the density of the doubly-
shocked mantle behind the reflected shock front. Also, in applying
the Planar Impedance Matching technique at a given point on
CMB it is assumed that the mantle impacts on the core vertically
with an impact velocity Vimp which is the vertical component of
the particle velocity behind the incident shock wave,

Vimp ¼ um cosðiÞ ðA:10Þ

where i is the angle of incidence. The boundary conditions at CMB
are the continuity of pressure

Pr ¼ Pc ðA:11Þ

continuity of vertical component of particle velocity,

um cosðiÞ þ ur ¼ uc cosðjÞ ðA:12Þ

and Snell’s law

sinðiÞ=Um ¼ sinðjÞ=Uc ðA:13Þ

where j is the refraction angles (Fig. A1). The above approximation
allows us to use the impedance matching formulations of Melosh
(Eqs. (4.5.4)–(4.5.7)), with some modifications, to determine the
particle velocity in the core immediately beneath CMB

uc ¼ �Bþ ðB2 þ 4ADÞ1=2
h i.

2A ðA:14Þ

where

Fig. A1. The rays of the incident (from A to B) reflected (from B to D) and refracted
(from B to C) of the shock wave. The angles of incidence (i) reflection (r), and
refraction (j) are relative to the normal to CMB.
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A ¼ qo
c Sc � qmSm

B ¼ qo
c Cc þ qm cosðjÞðCm þ 2SmVimpÞ

D ¼ Pm � Po
m þ qmVimpðCm þ SmVimpÞ

and the lithostatic pressure in the core immediately beneath CMB
Po

c is equated to that in the mantle immediately above CMB Po
m.

Eqs. (A-5) and (A-6) together with (A-14) yield the pressure Pc

immediately beneath CMB. Starting with this pressure, the shock
wave propagates down in to the homogeneous and quiescent core,
while the pressure decays according to Pierazzo et al.’s (1997)
average model with physical parameters of the core (see Table 1).
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